[1] We have analyzed observations of clear-sky top-of-atmosphere outgoing longwave radiation (OLR) measured by the Clouds and the Earth's Radiant Energy System (CERES). These measurements were obtained during March 2005 at night and over the ocean and cover latitudes from 70°N to 70°S. First, we compare the OLR measurements to OLR calculated from two radiative transfer models. The models use as input simultaneous and collocated measurements of atmospheric temperature and atmospheric water vapor made by the Atmospheric Infrared Sounder (AIRS). We find excellent agreement between the models' predictions of OLR and observations, well within the uncertainty of the measurements. We also analyze the sensitivity of OLR to changing surface temperature T s , atmospheric temperature T a , and atmospheric water vapor q. We find that OLR is most sensitive to unit changes in T a when that change occurs in the lower troposphere. For q, the altitude distribution of sensitivity varies between the midlatitudes, subtropics, and the convective region. We also partition the observed variations in OLR into contributions from changing T s , T a , and q. In the midlatitudes, changes in T s and T a contribute approximately equally, and are partially offset by changes in q. In the subtropics, changes in T a dominate, with a smaller contribution from changes in T s and a relatively small offsetting contribution from q. In the tropical convective region, a rapid increase in q in the midtroposphere leads to a dramatic reduction in OLR with increasing T s , which has been termed the ''super greenhouse effect''.
Introduction
[2] The processes that regulate top-of-atmosphere outgoing longwave radiation (OLR) play a crucial role in determining our climate. While clouds are well known to play an important role in regulating OLR, a significant fraction of the planet is cloud free. Previous work has shown that this clear-sky OLR is primarily determined by surface temperature (T s ), atmospheric temperature (T a ), and atmospheric specific humidity (q) [e.g., Raval and Ramanathan, 1989; Stephens and Greenwald, 1991; Minschwaner and McElroy, 1992; Weaver et al., 1994; Raval et al., 1994; Inamdar and Ramanathan, 1994; Collins and Inamdar, 1995; Allan et al., 1999; Huang et al., 2007] .
[3] It is also well known that increases in T s and T a are associated with increases in q both regionally [e.g., Stephens, 1990; Gaffen et al., 1992; Minschwaner and Dessler, 2004] and in the global average [e.g., Sun and Oort, 1995; Soden et al., 2002; Bates and Jackson, 2001] . These changes in temperature and humidity have opposing effects on OLR: increases in T s and T a increase OLR, while increases in q decrease OLR. The net effect is the difference between these two offsetting changes. The intent of this study is to improve our quantitative understanding of the effects of changes in T s , T a , and q on clear-sky OLR using a new satellite data set that provides an unprecedented opportunity to study in detail the radiation budget in the atmosphere.
Data
[4] Data used in this paper were obtained at night and over the ocean during March of 2005, and cover the latitudes 70°N-70°S. OLR is measured by the Clouds and the Earth's Radiant Energy System (CERES) [Wielicki et al., 1996; Loeb et al., 2001 ] that is presently flying on NASA's Aqua satellite. Nighttime data is used to avoid any ambiguity in separating reflected solar radiation from terrestrial infrared radiation at wavelengths around 4 microns, where both can contribute; ocean data is used so that we avoid uncertainties associated with land surface temperature and emissivity.
[5] The OLR data analyzed in this study are obtained from edition 2a of the CERES flight model 3 singlescanner footprint (SSF) product. In this product, CERES data are combined with Moderate Resolution Imaging Spectroradiometer (MODIS) measurements. The uncertainty of an individual top-of-atmosphere OLR measurement is 5 W/m 2 , while the uncertainty of average OLR over a 1°-latitude Â 1°-longitude box, which contains many viewing angles, is $1.5 W/m 2 [Loeb et al., 2007] . We identify clear-sky measurements using the 'Cloud-mask clear-strong percent coverage' field [Geier et al., 2003] . This field contains the fraction of MODIS 1-km pixels in the CERES footprint that are flagged as confidently cloud-free, and we consider a CERES footprint to be clear sky when this parameter is 96% or higher. We also require that bits 2 -7 of the 'Radiance and Mode flags' be set to zero, indicating good radiances for that field of view [Geier et al., 2003] .
[6] Profiles of T a , q, geopotential height, and surface skin temperature are obtained from the Atmospheric Infrared Sounder (AIRS) [Aumann et al., 2003] , also flying onboard NASA's Aqua satellite. The AIRS T a and q data sets provide high vertical resolution (1 and 2 km, respectively) and highaccuracy (1 K and 10%, respectively) profiles over most of the globe [Fetzer et al., 2005] . We use version 5 of the level-2 data in this paper [Olsen et al., 2007] .
[7] The horizontal resolution of the AIRS footprint is 14 km (nadir), but retrievals are done on a three-by-three matrix of AIRS footprints, meaning that the resolution of a single retrieval is $40 -50 km. To ensure good T a and q retrievals, we require nGoodStd 3 and Qual_H2O equal to 0 or 1 [Olsen et al., 2007] . And to ensure good surface parameter retrievals, we require Qual_Surf equal to 0 (which gives us a skin temperature uncertainty of 0.8 K) [Olsen et al., 2007] .
[8] For each AIRS measurement, we find the closest CERES measurement by comparing the center points of the retrieval's field of view; we consider them ''collocated'' if these center points are within 20 km of each other. AIRS and CERES measurements are made within a few seconds of each other, so the measurements are effectively simultaneous.
Models
[9] The AIRS measurements of T a and q are input to two radiative transfer models. Temperature data extend to 0.01 hPa, while AIRS q measurements extend to 224 hPa ($12 km). To estimate q between 224 and 100 hPa, we linearly interpolate in log(pressure) versus log(mixing ratio) space, using as endpoints the measured mixing ratio at 224 hPa and a mixing ratio of 4 ppm by volume (ppmv) at 100 hPa. At altitudes above 100 hPa, we assume a constant mixing ratio of 4 ppmv. This introduces a very small uncertainty in the calculated OLR since the bulk of the water vapor emission originates below the tropopause.
[10] We assume constant mixing ratios for CO 2 (380 ppmv), CH 4 (1.75 ppmv), N 2 O (320 parts per billion by volume (ppbv)), CFC-11 (0.3 ppbv), CFC-12 (0.5 ppbv), and CFC-22 (0.2 ppbv). Ozone in the model below 100 hPa comes from the three-dimensional climatology of Logan [1999] ; a zonal-average ozone climatology above 100 hPa comes from a run of the Goddard chemistry-transport model [Pawson et al., 2008] . We assume surface emissivity of 0.97, characteristic of the ocean, and use T s measured by AIRS. Aerosols are not included in any radiative transfer calculations.
[11] We use two different radiative transfer models to calculate OLR. Both models break up the infrared spectrum into bands and calculate the transmission through each band using the correlated k-distribution method. The first model is that of Chou et al. [2001] , and the second model is that originally developed by Liou [1992, 1993] , and subsequently modified by Rose and Charlock [2002] . Both models are well known and have long histories in the scientific literature. Comparisons of radiative fluxes between band models and line-by-line models suggest uncertainties in the calculated fluxes on the order of 1% [e.g., Briegleb, 1992] .
Results

Modeled Versus Measured OLR
[12] Figure 1 shows a scatterplot of nighttime, clear-sky measurements of OLR by CERES versus OLR calculated by the Fu-Liou model driven by simultaneous AIRS measurements. The model does such a good job of simulating the measurements that the solid line on the plot, the one-to-one line, is indistinguishable from a least squares fit (not plotted). The Chou model comparison (also not plotted) shows a similarly compact relationship, but with the Chou model predicting a nearly constant 3.7 W/m 2 greater than measured by CERES. Table 1 Chou minus CERES 3.7 ± 2.1 3.7 ± 2.1 3.7 ± 2.2 3.3 ± 1.9 Fu-Liou minus CERES À0.01 ± 2.1 0.57 ± 1.9 À0.80 ± 2.9 À0.37 ± 2.0 Chou minus Fu-Liou 3.6 ± 2.1 3.1 ± 1.9 4.5 ± 2.9 3.6 ± 2.0 a Averages have been calculated by first averaging the data in 10°latitude bins and then doing an area-weighted average of those.
[13] Figures 2a and 2b show the average OLR from CERES and the two models as a function of T s and latitude. Figure 2c shows the models' OLR minus CERES OLR as a function of T s , showing that the offset between the models and CERES shows little variation with T s .
[14] The difference between the Chou and Fu-Liou OLR calculations, 1 -2%, gives us some estimate of the uncertainty of the band models. These differences stem from the different band divisions and the solvers for the radiative transfer equation in these two models. Such a disagreement is consistent with previous estimates of about 1% uncertainty in the models' fluxes [e.g., Chou et al., 2001; Briegleb, 1992] .
[15] Table 2 lists the sensitivity of calculated OLR to the input parameters of the model. These are calculated by changing the inputs to the model by amounts equal to the parameter's uncertainty, while keeping all other variables fixed, and re-calculating OLR. Changes in T a , q, and O 3 have the largest effect at low latitudes. And for O 3 , the bulk of the OLR sensitivity is to changes in the stratosphere. Changes in emissivity and T s , on the other hand, have the biggest impact at mid and high latitudes.
[16] Given the uncertainties in the OLR measurements, as well as the uncertainties in the OLR calculations, we conclude that there is no significant difference between either model and the CERES OLR measurements. Nor can we identify one model as producing a better simulation of OLR than the other. One reviewer of this paper questioned whether our comparison involved circular logic: the AIRS retrieval of T a and q involves a radiative transfer model, so the comparison between the models and the retrievals thus are both based on radiative-transfer models. However, the AIRS retrieval is based on a small part of the longwave spectrum, while the CERES OLR measurement is an integral over all wavelengths. Thus, we judge that the circularity is minor and that the comparison between the model and the CERES data does in fact provide confidence that understanding of OLR is good.
[17] Our work is consistent with previous comparisons between modeled and measured OLR [Inamdar and Ramanathan, 1994; Collins and Inamdar, 1995; Ho et al., 1998; Slingo et al., 1998; Wong et al., 2000] , which also found reasonably small (a few W/m 2 ) differences. Our analysis strengthens this conclusion, however, by using a data set with several distinct advantages. In particular, AIRS and CERES make virtually simultaneous measurements, so the calculated OLR and measured OLR are directly comparable. Most previous analysis used ERBE data that were not necessarily contemporaneous with the meteorological data that were used in the OLR calculation. In addition, the OLR measurement and the measurements of T s , T a , and q have similar spatial scales. Some previous analyses used radiosonde measurements of T a and q profiles, and compared them to OLR averaged over a 2.5°Â 2.5°grid box. Comparisons of measurements made with vastly differing spatial scales can potentially be confounded by spatial heterogeneity-a problem not significantly affecting our analysis.
Relationship Between OLR, Surface Temperature, and Water Vapor
[18] The foregoing analysis has established that the Earth's clear-sky OLR can be accurately simulated using radiative transfer models constrained by AIRS observations of T s , T a , and q. In this section, we examine spatial gradients of OLR and the accompanying gradients of T s , q, and T a to determine the contribution of these terms to the OLR budget.
[19] A latitude-longitude coordinate system is not ideal for a number of reasons, and we therefore choose to employ sea surface temperature, T s, as the independent coordinate. In this context, one can think of T s as a proxy for latitude, with high values of T s found near the equator and low values found at high latitudes. Figure 3 shows the relation between T s and latitude, as well as the number of observations as a function of latitude; the number of observations as a function of T s is plotted in Figure 2a . T s < 292 K corresponds approximately to midlatitudes, and T s > 292 K corresponds roughly to the tropics. Within the tropics, it has been previously established [e.g., Graham and Barnett, 1987; Su et al., 2006] that deep convection typically occurs only for T s > 298 K, so we categorize this region as ''tropical convective'' and regions with 292 K < T s < 298 K as ''subtropical''.
[20] As a starting point for our analysis, we expand dOLR/dT s , the derivative of OLR with respect to our spatial coordinate T s , in terms of T a , q, and T s :
The summation is over i vertical levels. This expansion is similar to the approach taken by Huang et al. [2007] . d includes the effects of the radiatively important constituents CO 2 , CH 4 , and O 3 . CO 2 and CH 4 are both well-mixed greenhouse gases, so their abundance is nearly the same at the poles as it is at the equator. Thus, the terms @CO 2 /@T s and @CH 4 /@T s are both approximately zero, so these constituents contribute little to @OLR/@T s . Similarly, @O 3 /@T s is also near zero, meaning that O 3 contributes little to dOLR/dT s . d also includes nonlinear terms arising from simultaneous changes in T s , T a , and q. We discuss the d term in section 4.2.4 and will confirm there that it is small compared to the other terms.
Sensitivity of OLR to Changes in T a and q
[21] We begin by analyzing the sensitivity terms, @OLR/ @T a i and @OLR/@q i . These terms represents the change of OLR due to a unit increase in temperature or water vapor in atmospheric layer i-in other words, the sensitivity of OLR to an altitude-resolved change in T a or q. These derivatives are often referred to in the literature as the Jacobians.
[22] The Jacobians turn out to be dependent on the background T a and q profile [e.g., Udelhofen and Hartmann, 1995] , and so vary with location. Figure 4 plots average T a and q profiles as a function of T s , constructed from AIRS data. These plots show what one would expect: as T s increases, so too do T a and q of the overlying atmosphere.
[23] Figure 5a shows the temperature Jacobian, @OLR/ @T a i . To construct this plot, we take average T a and q profiles for each value of T s and perturb the T a profile by 1 K in a 100-hPa thick layer. The perturbed profiles are run through the Chou model and the change in OLR caused by the perturbation is calculated. We calculate perturbations at T s = 272, 273, . . ., and 304 K and in nine 100-hPa thick layers centered at 950, 850, . . ., and 150 hPa. Our choice of the Chou model has no impact on the analysis since the sensitivities of these two models are virtually identical.
[24] Figure 5a shows that OLR is most sensitive to changes in lower tropospheric T a , particularly in the tropics (T s > 292 K). The maximum sensitivity of OLR to T a in tropical lower troposphere is due to the water vapor continuum absorption [Clough et al., 1992; Huang et al., 2007] . Our results are similar to the calculations of Huang et al. [2007] , although the magnitudes of our sensitivities are about twice theirs because we perturbed 100-hPa thick layers, while they perturbed 50-hPa layers.
[25] Figure 5b shows (@OLR/@q i )(0.1q i ), the sensitivity of OLR to an increase in mixing ratio of a factor of 1.1. Other authors have used different perturbations in this type of calculation, such as increasing mixing ratio by 0.001 g/kg at all altitudes [e.g., Shine and Sinha, 1991] or changing relative humidity by its observed variations [Allan et al., 1999; Fasullo and Sun, 2001] . We use the factor-of-1.1 perturbation because we feel it is a more realistic perturbation than a fixed change in q. See Held and Soden [2000] for a more thorough discussion of the different approaches to this type of calculation.
[26] In the midlatitudes, T s < 292 K, OLR is most sensitive to changes in midtropospheric (600 -400 hPa) q. For 292 K < T s < 298 K, corresponding to subtropical latitudes, there are two peaks in sensitivity, a strong peak in the lower troposphere ($850 hPa) and a weaker peak in the upper ($400 hPa). For T s > 298 K, corresponding to the convective region of the tropics, we see a single maximum in sensitivity in the lower troposphere ($850 hPa). This is consistent with the results of Udelhofen and Hartmann [1995] , who showed that, as the background atmosphere gets moister, the maximum impact of a change in q moves to lower altitudes. Our calculated values are quantitatively consistent with those of Sinha [1991] and Huang et al. [2007] , although, again, our values are twice theirs because we are perturbing a layer with twice the thickness. 4.2.2. Impact of Changes in T a and q on dOLR/dT s
[27] To determine the impact of changes in T a on dOLR/ dT s , we multiply the temperature Jacobian plotted in Figure 5a , @OLR/@T a i , by @T a i /@T s , the derivative of T a with respect to T s . This product is the first term on the right-hand side of equation (1). We multiply the water vapor Jacobian plotted in Figure 5b by @q i /@T s to get the second term on the right-hand side of equation (1), the contribution of changes in q to dOLR/dT s .
[28] The derivatives @T a i /@T s and @q i /@T s are calculated from the average profiles plotted in Figure 4 . We plot in Figure 6a these derivatives for levels in the lower, mid, and upper troposphere. Figure 6b shows (@q i /@T s )/q i , the derivative of q normalized by the abundance of q. This normalized quantity can be thought of as the observed fractional change in q for a 1 K increase in T s . The normalization is done so all three levels can be plotted on the same y axis scale. Also plotted are error bars on the middle level, showing that the features of the plot are all statistically significant; error bars on the other levels are similar.
[29] Figure 7a shows the temperature term, (@OLR/ @T a i )(@T a i /@T s ), Figure 7b shows the water vapor term, (@OLR/@q i )(@q i /@T s ), and Figure 7c shows the sum of these two terms. It is important to remember that T s is the local sea surface temperature, and we are using it here as a proxy ) as a function of T s at three levels in the troposphere. Derived from the AIRS data plotted in Figure 4 , and smoothed to remove noise and make the overall trends clearer. Error bars are displayed on the 600-hPa T a and 547-hPa q lines; these are derived by propagating the standard error of the mean. Note that the pressure levels in the two plots are not the same because AIRS does not measure T a and q at the same levels.
for latitude. One should not infer the behavior of a changing climate from this type of analysis (more on that later).
[30] In the midlatitudes, T s < 292 K, the temperature and water terms largely offset, although the temperature term is generally larger so their sum is usually positive (Figure 7c) . Most of the contribution of T a to increasing OLR is from the lower troposphere, while the offsetting contribution from q is from the midtroposphere.
[31] In the subtropics, 292 K < T s < 298 K, the T a term in Figure 7a reaches a maximum, with large contributions to dOLR/dT s coming from the surface all the way to the upper troposphere. The reason can be seen in Figure 6a , which shows that the atmosphere is warming rapidly with T s in this region-i.e., @T a i /@T s is a maximum here throughout the troposphere.
[32] At the same time, the q term in Figure 7b is a minimum, particularly in the midtroposphere. This is explained by Figure 6b , which shows that @q i /@T s is small here throughout the troposphere. As a result, the q term does not significantly offset the large contribution to dOLR/dT s from the temperature term, except in the lower troposphere. The net of the temperature and water vapor terms in the subtropics is therefore positive and large, with most of the net contribution coming from the midtroposphere (Figure 7c ).
[33] In the convective region, T s > 298 K, the T a term in Figure 7a declines rapidly to near zero in the midtroposphere for T s near 302 K. Figure 6a shows why: @T a i /@T s is near zero for T s > $300 K. In other words, the atmosphere stops warming even as T s is increasing. Without any change in T a , it does not matter how sensitive OLR is to T a changesthe atmospheric temperature cannot contribute to dOLR/dT s .
[34] Once again, the q term behaves in an opposite manner to the T a term and increases rapidly from T s = 298 K to T s = 301 K. At T s = 301 K, the maximum contribution is occurring in the midtroposphere, around 500 hPa. As seen in Figure 6b , the explanation for this is a dramatic increase in q at all levels of the troposphere with increasing T s. This is a result of crossing the convective threshold, leading to strong moistening of the troposphere due to convection [e.g., Udelhofen and Hartmann, 1995; Sherwood, 1996] .
[35] It is the changes in q in the midtroposphere that provide most of the effect on OLR [e.g., Weaver et al., 1994] . This is higher than the altitude of maximum sensitivity, which Figure 5b shows occurs around 800 hPa. It turns out that the change in midtropospheric q is so large that it nevertheless provides most of the reduction in OLR [e.g., Fasullo and Sun, 2001] . Figure 7c shows that the sum of the T a and q terms here is strongly negative.
[36] Finally, Figure 6b shows that (@q i /@T s )/q i becomes negative for T s > 304 K in the mid and upper troposphere, meaning that q is decreasing with increasing T s . In this case, decreasing q provides a positive contribution of the q term to dOLR/dT s .
[37] It may be surprising that q decreases with increasing T s for T s > 304 K. This makes sense, however, if one realizes that values of T s > 304 K are only possible in convectively suppressed regions. The suppression is provided by descending air, which tends to both cap convection and dry out the free troposphere, leading to cloud-free conditions. The clear skies, in turn, permit solar heating of the surface and high values of T s . In the end, such surface temperatures are rare: there are only 78 observations with T s > 304 K out of 128,119 observations and therefore probably not important. Figure 7c shows that a positive contribution from both T a and q here produce a positive value of dOLR/dT s in the lower and upper troposphere, with a near zero contribution from the midtroposphere. 4.2.3. Column Analysis of the Impact of Changes in T a and q on dOLR/dT s
[38] Figure 8a plots S i (@OLR/@T a i )(@T a i /@T s ), the column sum of the contribution of changes in atmospheric T a to dOLR/dT s from Figure 7a . This term is positive for all values of T s , showing that the increase in T a associated with increasing T s tends to increase OLR. We also see the rapid decrease in the magnitude of this term in the tropical convective region, T s > 298 K, due to a cessation of atmospheric warming with increasing T s .
[39] We also plot in Figure 8a the column sum of the Jacobian, S i (@OLR/@T a i ), versus T s , calculated from the values plotted in Figure 5a . This term is equal to (@OLR/ @T a i )(@T a i /@T s ) in the special case that @T a i /@T s = 1, i.e., the atmosphere maintains a constant lapse rate.
[40] We see that S i (@OLR/@T a i ) is generally larger than S i (@OLR/@T a i )(@T a i /@T s ) for most values of T s . This is consistent with the derivative data plotted in Figure 6a , which shows that @T a i /@T s is generally less than one. We also plot in Figure 8a the difference between these terms,
. This is a quantitative estimate of the effect of the changing lapse rate on dOLR/dT s , and it shows that it is negative for almost all values of T s . In other words, as T s increases, so does the lapse rate, and the general effect of this is to reduce dOLR/ dT s , and therefore OLR, below what they would be if the atmosphere maintained a constant lapse rate.
[41] In most climate-change scenarios, the upper troposphere is expected to warm more than the surface, and the additional radiation from a warmer upper troposphere will act as a negative feedback on the warming [e.g., Hansen et al., 1984; Bony et al., 2006] . Our result does not contradict that because we are investigating an entirely different problem. We are looking at regional variations in lapse rate in a fixed climate, rather than variations in the average lapse rate as the climate changes. This result demonstrates the unsuitability of using variations in different regions in our present climate as a proxy for climate change.
[42] We also plot on Figure 8a the term (@OLR/@T s ), the effect on OLR of changing T s by 1 K, leaving everything else unchanged. This corresponds to the third term in equation (1), and is labeled ''T s term'' in Figure 8a . At low T s , a unit change in T s has a major effect on OLR [Allan et al., 1999] owing to the low emissivity of the atmosphere. The positive values for T s < 275 K are almost certainly wrong: our analysis suggests that it is changes in sampling from the two hemispheres with increasing T s that introduces large biases into the derivatives.
[44] As T s increases beyond the threshold for deep convection, 298 K, the term rapidly decreases to a minimum of À4 W/m 2 /K at T s = 301 K. As the surface warms further, this term rapidly increases with T s . The rapid decrease of S i (@OLR/@q i )(@q i /@T s ) for T s > 298 K is due to the @q i /@T s term. As discussed earlier, q rapidly increases as the convective threshold is passed and this leads to strong reduction in OLR. This is often referred to in the literature as the ''super greenhouse effect'' [Raval and Ramanathan, 1989] , and has been analyzed in some detail in previous analyses [e.g., Minschwaner and McElroy, 1992; Hallberg and Inamdar, 1993; Inamdar and Ramanathan, 1994; Weaver et al., 1994] .
[45] Also shown on Figure 8b is the change in OLR if q changed so that the atmosphere maintained constant relative humidity (RH). We calculate this using the measured derivative @T a i /@T s and background values of T a and q to determine what @q i /@T s would be required to maintain constant RH (with respect to water for T a > 273 K and with respect to ice for T a < 273 K). Then we calculate the OLR perturbation due to the constant-RH @q i /@T s (using the same average T a profile in both calculations) and plot the difference as ''fixed RH'' case in Figure 8b . In the midlatitudes (T s < 292 K), the fixed-RH case is similar to the observed values, suggesting that the atmosphere is approximately maintaining constant RH. It was evidence like this that convinced Manabe and Wetherald [1967] to assume fixed RH in their early radiative-convective models.
[46] The difference between the S i (@OLR/@q i )(@q i /@T s ), and fixed RH lines can be interpreted as the effects of changing RH of the atmosphere on dOLR/dT s , and this line is also plotted in Figure 8b as ''changing RH''. In the subtropics, the ''changing RH'' line is positive, meaning that RH decreases with increasing T s . This relative dryness contributes to high values of OLR here, providing a key pathway for the climate system to lose energy back to space (1). Error bars are displayed on the derivative of CERES OLR; these are derived by propagating the standard error of the mean. [Pierrehumbert, 1995] . As T s crosses the convective threshold, $298 K, the RH of the atmosphere abruptly increases, leading to a strong increase in q and a reduction in OLR and its gradient.
Analysis of OLR Variations
[47] Figure 8c plots dOLR/dT s , the derivative of the CERES OLR measurements from Figure 2 . For the midlatidues, T s < 292 K, the value is a relatively constant 2 W/m 2 /K. dOLR/dT s reaches a maximum value, 3 W/m 2 /K, in the subtropics. As T s extends beyond the convective threshold, 298 K, the derivate changes sign, nearly reaching À3 W/m 2 /K at T s = 301 K.
[48] We also plot in this panel the right-hand side of equation (1) Note that this is a stringent test as these two lines are derived from completely independent data: one line is derived entirely from CERES data while the other line is derived entirely from AIRS data and a radiative transfer model. The excellent agreement gives us great confidence that, given observations of T a and q, the clear-sky OLR budget is well understood in the present atmosphere. We also see no evidence that neglected terms are important, in agreement with previous work [e.g., Huang et al., 2007] .
[49] We are therefore now in a position to explain the evolution of OLR as T s increases from 273 K to 305 K. The increase in OLR in the midlatitudes, from T s = 275 K to T s = 290 K, is 32. . Thus, we can see that the rapid increase in OLR in the subtropics is due to significant warming of the atmosphere, and the absence of a counteracting increase in water vapor.
[51] From 300 K < T s < 304 K, corresponding to the main convective region of the tropics, OLR decreases by 5.5 W/m 2 , a surprising result that has been referred to as the ''super greenhouse effect'' [e.g., Raval and Ramanathan, 1989; Weaver et al., 1994; Inamdar and Ramanathan, 1994] . This is caused primarily by increases in q, which tend to decrease OLR by 11 W/m 2 . Offsetting that decrease are increases in T s and T a , which tend to increase OLR by 3.5 and 3. 
Summary
[53] We have compared observations of clear-sky topof-atmosphere outgoing longwave radiation (OLR) to calculations from two radiative transfer models. The models use as input observations of sea surface temperature T s , atmospheric temperature T a , and atmospheric specific humidity q from measurements made by the Atmospheric Infrared Sounder obtained at night and over the ocean and at latitudes from 70°N to 70°S. We find excellent agreement between the models' predictions of OLR and observations (Table 1 ). The differences that do exist are all within the uncertainty of the comparison (Table 2) . We see no evidence of any problems in our understanding of the quantitative relationship between OLR and the abundance of infrared-active gases in the atmosphere.
[54] We have also analyzed how changes in T s , T a , and q lead to changes in OLR as one moves from one region of the planet to another. We use T s as our independent coordinate, and one can think of it as a proxy for latitude. In this coordinate system, the midlatitudes correspond to T s < 292 K, the subtropics correspond to 292 K < T s < 298 K, and the tropical convective region corresponds to T s > 298 K. We reiterate that one should think of T s as a proxy for latitude, and not as a proxy for climate change.
[55] We find that OLR is most sensitive to unit changes in T a when that change occurs in the lower troposphere (Figure 5a ), particularly in the tropics, T s > 292 K, and that the overall sensitivity of OLR to a unit change in T a increases with T s .
[56] For water vapor, we evaluated the sensitivity of OLR to an increase in q by a factor of 1.1 (Figure 5b ). In the midlatitudes, T s < 292 K, OLR is most sensitive to changes in the midtroposphere (600-400 hPa). In the subtropics, 292 K < T s < 298 K, OLR sensitivity peaks in both the lower and upper troposphere. In the convective regions, T s > 298 K, OLR is most sensitive to lower tropospheric q. In general, the sensitivity of OLR to a q perturbation increases with T s because of the increase in the background q abundance with T s .
[57] We have also analyzed the spatial gradient of OLR, dOLR/dT s , by breaking it into contributions from T s , T a , and q (see equation (1)). The increase in OLR in the midlatitudes, T s < 292 K, occurs due to increases in T s and T a (Figure 8a ). The integrated contributions to OLR from T a and T s in the midlatitudes are comparable, although the contribution from T a tends to increase with T s while the contribution from T s tends to decrease (Figure 8a) . Most of the increase in OLR due to increases in T a come from the lower troposphere (Figure 7a) .
[58] This increase in OLR is opposed by increases in q ((@OLR/@q i )(@q i /@T s )) (Figure 8b ). The magnitude of the q term in midlatitudes is about half of the magnitude of the T a term, so the q term is overwhelmed by the T a and T s terms. Most of the impact on OLR in midlatitudes from q comes from the midtroposphere (Figure 7b) .
[59] The increase in OLR with increasing T s across the subtropics, 292 K < T s < 298 K, occurs mainly because the T a is rapidly increasing. Increasing T s contributes about half as much as T a , and a small increase in q provides little offset. Increases in T a contribute to OLR from the surface to about 300 hPa (Figure 7a ), while the offsetting effects of q come mainly from the lower troposphere (Figure 7b) .
[60] In the tropical convective region, T s > 298 K, the rapid increase in q overwhelms small contributions from T s and T a , producing a dramatic net decrease in OLR (Figures 8a -8c ). This decrease in OLR has become known as the ''super greenhouse'' effect, and it mainly originates from the increases in midtropospheric q (Figure 7b ).
